. (2010). The widespread occurrence of coupled carbonate dissolution/reprecipitation in surface sediments on the Bahamas Bank. American Journal of Science, 310(6), 492-521. doi: 10.2475/06.2010 Estimates of the aerially-integrated dissolution flux on the Bahamas Bank suggest that carbonate dissolution is an important loss term in the budget of shallow water carbonate sediments, and that on-bank carbonate dissolution, rather than offshore transport, may represent an important sink for gross shallow water carbonate production. Dissolution in carbonate bank and bay sediments may also be a significant alkalinity source to the surface ocean, and should be considered in global alkalinity/ carbonate budget. Finally, coupled dissolution/reprecipitation may have a major impact on the stable isotope composition of carbonate sediments that are ultimately preserved in the rock record. These processes may therefore need to be considered, for example, when using carbon isotope records to obtain information on the operation of the global carbon cycle during the Phanerozoic.
Despite the occurrence of net carbonate accumulation in these environments, carbonate dissolution may occur in carbonate bank sediments as a result of microbial respiration (Walter and Burton, 1990; Walter and others, 1993; Sabine and Mackenzie, 1995; Ku and others, 1999; Burdige and Zimmerman, 2002; Yates and Halley, 2006; Walter and others, 2007; Burdige and others, 2008) . The acid required for this dissolution is often metabolic CO 2 produced by aerobic respiration. If the organic carbon being remineralized is expressed as CH 2 O, then the relevant reactions can be written as follows:
The O 2 needed to drive metabolic carbonate dissolution in these shallow water sediments-as well as carbonate dissolution driven by direct H ϩ production produced during the oxidation of reduced iron and sulfur species (Ku and others, 1999 )-appears to have two primary sources: belowground input of photosyntheticallyproduced O 2 from seagrass roots and rhizomes (sometimes referred to as seagrass O 2 "pumping"), plus pore water advective exchange in these high permeability sediments (Burdige and others, 2008) .
In many shallow water settings the observed sediment carbonate dissolution actually appears to represent net dissolution, that is, the balance between gross dissolution and reprecipitation (Patterson and Walter, 1994; Burdige, 2007, 2008; Walter and others, 2007) . The thermodynamic (or solubility) driving force for this coupled process is, however, not well understood (see the Pore Water Evidence for Coupled Dissolution/Reprecipitation section for details). Past geochemical studies of dissolution/reprecipitation have tended to focus on more organic-"rich" carbonate sediments (also see Rude and Aller, 1991; Walter and others, 1993; Ku and others, 1999) that are not necessarily representative of the more organic-"poor" sediments generally found on shallow water carbonate platforms. At the same time, carbonate dissolution and reprecipitation have been discussed in the carbonate sedimentology literature in terms of the formation of micrite and carbonate cements (Purdy, 1968; Bathurst, 1974; Reid and Macintyre, 2000) , although the topic "has long been a subject of controversy and semantic discussion" (Reid and Macintyre, 1998) . Furthermore, many of these studies have been largely descriptive in nature, focusing on the mineralogy, morphology and distribution of micrites and carbonate cements.
Given these observations, in this paper we will use two complimentary approaches to demonstrate the widespread occurrence of carbonate dissolution/reprecipitation in sediments on the Bahamas Bank. This work builds on our previous studies of these processes at a limited number of sites on the Bank Burdige, 2007, 2008 ; Burdige and others, 2008) . One of the approaches we used is based on a pore water stable isotope mass balance while the other uses an advection/diffusion/reaction model applied to pore water solute concentration profiles. With these results we will show that dissolution/reprecipitation is an important part of the early diagenesis of Bahamas Bank sediments in general, and we will discuss the factors controlling this coupled process. Finally, we will use these results to further examine the geologic and geochemical significance of coupled carbonate dissolution/reprecipitation.
materials and methods

Study Sites
The work described here was carried out at sites on the Great Bahamas Bank in March, 2004 using the R/V F. G. Walton Smith as the sampling platform ( fig. 1 and table 1). Water depths at these sites ranged from 4 to 10 m (average depth ϳ6 m). Visual inspection of the sediments at these sites showed that they ranged from fine-grained carbonate muds and pellet muds on the west side of Andros Island, to more coarse-grained oolitic carbonate sands and grapestones on the northern part of the Bank and on the eastern arm of the Bank along the Exuma Cays (F. Neuweiler, personal communication) . Many of the sites were inhabited by seagrasses, with Thalassia testudinum (turtle grass) dominating at all of the seagrasscontaining sites except sites 3 and 25, where Syringodium filiforme (manatee grass) was also observed in significant densities (Bodensteiner, ms, 2006) .
The dominant mineralogy of these sediments (based on X-ray diffraction analyses) was aragonite (ϳ80-90%) and high-Mg calcite (HMC; ϳ10-20%), the latter with a Mg-content of ϳ12 mole percent (Hu, ms, 2007; Hu and Burdige, 2008) . This mineralogy is consistent with past studies of Bahamas Bank sediments (Morse and others, 1985; Swart and others, 2009) , including the sediments we have studied previously around Lee Stocking Island, in the southern portion of the Exuma Cays (fig. Bathurst, 1974) . Also shown here is the Lee Stocking Island region.
1; Burdige and Zimmerman, 2002; Burdige and others, 2008) . Also note that as a part of the analysis of the results presented here we will incorporate (as appropriate) results from our previous studies of these sediments. Although we did not measure total organic carbon in the sediments of this study, concentrations in similar sediments on the Bahamas Bank are less than ϳ0.5 weight percent (Morse and others, 1985; Burdige and Zimmerman, 2002) .
Sample Collection and Analytical Methods
Pore water samples were collected in situ by divers, using pore water sippers designed for use in sandy sediments (Burdige and Zimmerman, 2002; Hu and Burdige, 2007) . A bottom water sample and three sets of pore water profiles were collected at each site, down to a sediment depth of 20 cm. After pore waters were collected and returned to the ship, the samples were equilibrated at lab temperature for 30 minutes, and O 2 concentrations were measured on an aliquot of the water using an oxygen optode (FOXY-18G, Ocean Optics) connected to an Ocean Optics SF2000 spectrophotometer (Hu, ms, 2007; Burdige and others, 2008) . The remaining pore water was filtered through a 0.45 m nylon disc filter and preserved in appropriate storage vessels at 4°C for further analyses (Burdige and others, 2008) .
Titration alkalinity (A T ) was determined on board the ship by automated Gran titration using certified HCl and Scripps Reference Seawater as an external standard (Dickson and others, 2003) . pH (NBS) and total dissolved sulfide (Cline, 1969) were also analyzed on board the ship. A T and pH were analyzed in all three sets of pore water samples from each site, while sulfide was determined in one set. At ODU, DIC was analyzed with a UIC 5011 coulometer (Dickson and others, 2007) using Scripps Reference Seawater as the reference material. The ␦ 13 C of the pore water DIC was determined at ODU as described in Hu and Burdige (2007) using a PDZ Europa GEO 20-20 isotopic ratio mass spectrometer (IRMS). Pore water Ca 2ϩ concentrations were determined by automated titration, using EGTA as the titrant and a Thermo-Orion calcium ion selective electrode (ISE) to detect the end-point. Pore water chloride concentrations were determined by automated titration using AgNO 3 as the titrant and a Brinkman Ag Titrode™ for end-point detection. Sulfate was analyzed by ion chromatography. IAPSO standard seawater (salinity 34.996) was used to standardize both titrants (EGTA and AgNO 3 ) as well as to construct sulfate standard curves (Burdige and others, 2008) .
At selected sites, seagrass (turtle grass and manatee grass), calcareous macroalgae (Penicillus sp., Rhipocelaphus sp., and Udotea sp.), and sediment samples were collected by divers, frozen, and returned to ODU. All of these samples were processed back at ODU, with seagrasses and macroalgae analyzed for ␦ 13 C at ODU and sediments analyzed for ␦ 13 C at the UC Davis Stable Isotope Lab (Hu and Burdige, 2007) . At ODU ␦
13
C values were calculated relative to PDB, while at UC Davis they were calculated relative to V-PDB. Since the difference between V-PDB and PDB is negligibly small (Mook and De Vries, 2001) , the complete isotope data set is internally consistent.
Surface sediments were wet-sieved for grain size analysis (Barth, 1984) using sieve sizes of 2000 m, 600 m, 125 m, and 63 m. Mean grain size (d) was calculated using the equation d ϭ ¥ f n d n , where f n is the weight percent of a size fraction, and d n is the median grain size in that fraction. For the Ͼ2000 m and Ͻ63 m size fractions, median grain sizes of 2250 m and 31.5 m were assumed (D. Swift, personal communication).
The uncertainties of all analyses were: O 2 , Ϯ3%; alkalinity, Ϯ2%; DIC, Ϯ2%; pH, Ϯ0.02 pH units; Ca 2ϩ , Ϯ1%; Cl Ϫ , Ϯ0.2%, ␦ 13 C (DIC, organic carbon, and carbonate carbon), Ϯ0.2‰, Ϯ0.1‰, and Ϯ0.04‰; sulfate, Ϯ3%; sulfide, Ϯ2%.
Seagrass density at the sites was quantified as leaf area index (LAI), defined as m ). LAI was determined as described elsewhere (Burdige and Zimmerman, 2002; Bodensteiner, ms, 2006) .
The species distribution of DIC (carbonate, bicarbonate, aqueous CO 2 ) in pore waters and bottom waters was calculated using the program CO2SYS (Lewis and Wallace, 1998) and our pH and DIC data. Calculated values of A T using this approach agreed to within 0.5% (Ϯ4.5%) of measured values of A T (n ϭ 633 alkalinity determinations).
results
Pore Water Results
Depth profiles of pore water solutes, DIC ␦ 13 C, and aragonite saturation index (⍀ arag ), at selected sites on the Bahamas Bank are shown in figures 2, 3, and 4. In general, O 2 concentration and pH decreased with sediment depth, accompanied by increases in A T , DIC, and Ca 2ϩ . Such profiles are consistent with the occurrence of metabolic carbonate dissolution.
At the same time, the relatively flat concentrations gradients in the upper ϳ1 to 2 cm of sediment (that is, no significant concentration changes in this region) are likely due to pore water advective exchange between the bottom waters and these high permeability sediments. The calculated permeability of these sediments ranged from ϳ2-40 ϫ 10 Ϫ10 m 2 (Hu, ms, 2007) , and in sediments where the permeability exceeds ϳ10 Ϫ12 m 2 advective transport of this fashion is thought to be significant down to sediment depths of at least several centimeters . The occurrence of this advection also requires a near seabed pressure gradient, which can be generated by wave action (oscillating bottom currents). It can also be generated by bottom water flow over surface topography (for example, sand ripples or physical surface roughness), biogenic structures such as animal mounds, or submerged seagrass canopies (Boudreau and others, 2001; Koch and others, 2006) .
Increases with sediment depth in pore water A T , DIC, and Ca 2ϩ concentrations were highly correlated, as indicated by the strong linear relationship between ⌬A T and ⌬DIC at these sites ( fig. 5A ). The slope of the best-fit line through these data (1.03 Ϯ 0.01) is consistent with equations (1-3). Similar property-property plots of ⌬Ca 2ϩ versus either ⌬DIC ( fig. 5B ) or ⌬A T (not shown here) showed greater scatter, although the correlations were still significant (Hu, ms, 2007) . The slopes of these lines are ϳ0.3 (versus the value of 0.5 predicted by equation 3). The significance of this observation will be discussed in the General Observations section.
Pore water sulfate profiles did not show any appreciable downcore gradients with depth ( fig. 3 ). For the entire set of pore water samples in this study (n ϭ 176), the average value of ⌬[SO 4 2Ϫ ] was Ϫ0.36 Ϯ 0.06 mmol ⅐ kg
Ϫ1
, which is smaller than the analytical uncertainty of the sulfate measurement. Pore water sulfide levels were generally low, with 11 out of 21 stations having total dissolved sulfide (¥H 2 S) concen- . At only 4 sites (13, 14, 15, and 18 ) did sulfide levels increase significantly and consistently with depth, to concentrations ranging from 1.1 to 1.6 mmol ⅐ kg Ϫ1 . A comparison of the ¥H 2 S and O 2 profiles suggested that virtually all sulfide was internally recycled (that is, oxidized back to sulfate). Thus, little or no net sulfate reduction occurred in the upper 20 cm of these sediments, consistent with the ⌬[SO 4 2Ϫ ] results discussed above, and with our previous findings in Lee Stocking Island sediments (Hu and Burdige, 2007; Burdige and others, 2008) .
pH and pore water saturation state.-Pore water pH generally decreased with depth below the sediment-water interface with the steepest gradients in the upper 5 cm ( fig.  3) . Deeper in the sediments, the pH values were relatively constant at ϳ7.3 to 7.7. 2Ϫ , and total dissolved sulfide (⌺H 2 S), all at selected sites on the Bahamas Bank. The values shown here represent average values from 3 replicate sippers collected at each site. ⍀(aragonite) was calculated as described in Hu and Burdige (2008) . ⌬SO 4 2Ϫ is the change in the pore water sulfate concentration relative to the bottom water value, normalized for any changes in total salinity with depth in the pore waters (Burdige and Zimmerman, 2002) . This salinity normalization has little effect on the calculations here since the relative difference between pore water and bottom water salinities in these sediments averaged ϳ0.4 for an average bottom water salinity of ϳ37 (range: 36.3-38.2).
Consistent with these pH changes were changes with depth in carbonate mineral saturation state. While the bottom waters were supersaturated with respect to all carbonate mineral phases, the pore waters approached saturation with respect to aragonite below ϳ4 cm (figs. 3 and 6) but generally remained supersaturated. These trends are similar to those observed by Morse and others (1985) in their studies of Bahamas Bank sediments.
With depth, the Bahamas Bank sediment pore waters we studied also approached saturation with respect to high-Mg calcite (13 mole% HMC). However, when considering this observation, it is important to note that there is a fair degree of uncertainty, in general, in the solubility of HMC (see discussions in Morse and Mackenzie, 1990; Morse and others, 2006) . The solubility of HMC is also a function of its Mg-content, with the solubility increasing by ϳ0.1 log IAP units (roughly 25%) as the Mg-content increases from 5 mole percent to 15 mole percent.
Pore Water Modeling
Rates of sediment processes were estimated by fitting O 2 , DIC, A T and Ca 2ϩ pore water profiles with a recently described advection-diffusion-reaction (ADR) model (Burdige and others, 2008) . The model considers the following processes that affect these solutes: diffusive transport in the sediments; depth-dependent O 2 input through seagrass roots and rhizomes (Bodensteiner, ms, 2006) ; advective pore water exchange in these permeable sediments; and solute production (A T , DIC and Ca 2ϩ ) or consumption (O 2 ) associated with metabolic carbonate dissolution (eqs 1-3). Advective pore water exchange is parameterized in the model as a non-local exchange process with an exchange constant that decreases exponentially with depth, that is, advection is given by ␣ z (C z Ϫ C o ) where C z is the pore water concentration at depth z, C o is the bottom water concentration, and ␣ z , the non-local exchange coefficient, is given by ␣ o e Ϫ␤z . In our earlier work (Burdige and others, 2008) we showed that the integrated belowground input of O 2 by seagrasses at a given site was proportional to the leaf area index (LAI ) of the site, and we assumed that this input was distributed through the upper 20 cm of sediment based on the relative belowground distribution of seagrass root and rhizome biomass. Mucci, 1983) , and for 13 mole% HMC. The HMC solubility line was based on the "best-fit" line for biogenic HMC solubility versus mole % Mg (Morse and Mackenzie, 1990; Morse and others, 2006) . This plot was constructed as discussed in Morse and others (1985) ; additional details can be found in Hu (ms, 2007) .
With the approach used here, the ADR equation for each solute is "inverted" so that depth distributions of solute production (A T , DIC and Ca 2ϩ ) or consumption (O 2 ) are defined by the known pore water data and sediment LAI values, and the unknown parameters ␣ o and ␤. The same is then also true for the depth-integrated rates of A T , DIC and Ca 2ϩ production (DIRA, DIRD, and DIRC) and O 2 consumption (DIRO), which then implies that these four depth-integrated rates can be viewed as "functions" of ␣ o and ␤. These advection parameters are then used to fit the data to the model by assuming that they must predict depth-integrated rates of solute production or consumption that are consistent with the stoichiometry of equation (3), that is, 2 ⅐ DIRO ϭ DIRD, 2 ⅐ DIRO ϭ DIRA, and DIRD ϭ DIRA. This approach, along with the error minimization procedure used to determine the best-fit values of ␣ o and ␤, are described in Burdige and others (2008) and Hu (ms, 2007) .
The results of this fitting procedure are listed in table 2. Also included here are depth-integrated rates of sediment carbonate dissolution (R CD ) determined from the individual solute production/consumption rates. All of these rates, including values of R CD , agree well with other estimates in the literature (Andersson and others, 2007; Burdige and others, 2008; Hu and Burdige, 2008 ). As we have observed previously for Lee Stocking Island sediments alone (Burdige and others, 2008) , values of R CD increase with increasing seagrass density ( fig. 7) .
We have specifically chosen here as in Burdige and others (2008) to not use DIRC, the model-derived depth-integrated rates of pore water Ca 2ϩ production, in the mass * DIRO, DIRA, DIRD, and DIRC ϭ depth-integrated rates of (respectively) oxygen consumption, alkalinity production, DIC production and Ca 2ϩ production. R CD ϭ depth-integrated rate of carbonate dissolution (estimated as described in note **). nc ϭ the model did not converge for the data from these sites (16, 17, and 20; see Hu, 2007 , for details). ** The value of R CD can be shown to be equivalent to any of these four quantities: DIRO, DIRA/2, DIRD/2, DIRD Ϫ 0.5 ⅐ DIRA (see discussions in Burdige and others, 2008, for details) . Shown here is the average of these values (Ϯstd. dev.), and the value in parentheses to the left of the average value of R CD is its relative standard deviation.
balance fitting procedure described above. We have taken this approach since to do so would require information that is currently unknown, or subject to some uncertainty, including knowledge of the specific carbonate phase undergoing dissolution (for example, aragonite versus high-Mg calcite) and, more importantly, its Mg (versus Ca) content. It also requires that the model take into account the possible occurrence of carbonate reprecipitation in conjunction with carbonate dissolution, and the (poorlyconstrained) composition (that is, Mg-content) of any secondary carbonate that forms by reprecipitation (see discussions in Burdige and others, 2008 , and references cited therein for further details). However the values of DIRC calculated above can be used with the other model results to provide information on some of these unknowns. In particular, we note that there is a strong co-variance between DIRC and R CD ( fig. 8 ), which will be discussed in the Pore Water Evidence for Coupled Dissolution/Reprecipitation section in further detail.
␦
C Results ␦
13
C of the sediment organic matter sources and carbonate sediments.-At the eight sites where seagrass samples were collected, Thalassia testudinum had ␦ 13 C values that ranged from Ϫ4.9 to Ϫ9.7 permil. At the two sites where Syringodium filiforme was observed, this seagrass had ␦ 13 C values that ranged from Ϫ6.0 to Ϫ7.7 permil (table 3) . These values agreed with other values reported in the literature for these seagrasses growing in similar environments (Hemminga and Mateo, 1996; Fourqurean and others, 2005) . However, the seagrasses we sampled were relatively enriched in 13 C as compared to phytoplankton in the surrounding Atlantic Ocean, which have ␦ 13 C values of ca. Ϫ21 permil (Hofmann and others, 2000) . Benthic algae (collected solely at sites 2 and 4) had ␦ 13 C values that ranged from Ϫ12.8 to Ϫ16.3 permil, in general agreement with values for calcareous algae in this region (Craig, 1953) and in nearby Florida Bay (USA) (Walter and others, 2007) . For comparison, bulk organic matter in Bahamas Bank sediments (which presumably represents some undefined mixture of all of these sources) ranges from approximately Ϫ10 permil to Ϫ14 permil (Scalan and Morgan, 1970; Rasmussen and others, 1990) . When the seagrass isotope data in table 3 were pooled with results from our Lee Stocking Island sites (Hu and Burdige, 2007) we observed that values of ␦ 13 C for Thalassia testudinum were negatively correlated with water depth (r 2 ϭ 0.56, p ϭ 0.005). In contrast, no similar relationship was observed at these same sites between bottom water DIC ␦ 13 C and water depth (Hu, ms, 2007) . A more detailed discussion of these observations is presented elsewhere (Hu and others, 2009) , although here we have used this relationship to estimate the ␦ 13 C for Thalassia testudinum at sites where we did not make seagrass isotopic measurements.
Sediment carbonate had ␦ 13 C values that ranged from 3.9 to 4.7 permil (table 3) , similar to other values reported in the literature for Bahamas Bank sediments (for example, Swart and others, 2009) . At some sites ␦ 13 C values showed some down core variability (up to ϳ1‰) but did not show any consistent trends with sediment depth (Hu, ms, 2007) . . 4) , and at some sites they decreased with depth to a constant value below ϳ10 to 20 cm. At other sites, ␦ 13 C first decreased and then increased with sediment depth, thus showing a mid-depth minimum, centered at ϳ5 cm. Both types of profiles are similar to those that we have observed previously in Lee Stocking Island sediments (Hu and Burdige, 2007) .
The concentration and isotopic composition of DIC in the pore waters is altered by processes such as metabolic carbonate dissolution (eqs 1-3), which may also be coupled with reprecipitation reactions (Hu and Burdige, 2007) . The net result of these processes is that total DIC concentrations increase with sediment depth ( fig. 2) , and the isotopic composition of the DIC being added to the pore waters by these processes (Sayles and Curry, 1988; Hu and Burdige, 2007) . The results of these linear regressions are shown in table 3 (values referred to here as ␦ 13 C added pw ), and three examples of such regressions at sites with varying seagrass densities are shown in figure 9 .
A second approach to calculate ␦
C added pw involves plotting ␦
C DIC against 1/[DIC], since here the y-intercept of the best-fit line through these data can be shown to equal ␦ 13 C added (for details, see Zeebe and Wolf-Gladrow, 2001 ). Values of ␦ 13 C added pw obtained using these two procedures were not significantly different from each other (paired t-test, p Ͼ 0.05), and the RMS error between these two sets of ␦ 13 C added pw values was ϳ0.14 permil, less than the analytical uncertainty of the measurements of the ␦ 13 C of pore water DIC (Sample Collection and Analytical Methods section). For consistency with our previous work (Hu and Burdige, 2007) , in the discussion here we will use values of ␦ tion (that is, eqns. 1-3) in these Bahamas Bank sediments. Consistent with the stoichiometry of this process, a plot of pore water ⌬A T versus ⌬DIC for these sediments was linear with a slope of ϳ1 ( fig. 5A) . A similar linear covariance of A T and DIC will also be seen if net sulfate reduction occurs in the absence of carbonate dissolution. However, the lack of pore water sulfate depletion and sulfide accumulation in these sediments ( fig. 3) suggests that sulfate reduction, if it occurred, was tightly coupled with sulfide re-oxidation. Furthermore, the overall effect of this tightly coupled sulfur redox cycling in terms of metabolic carbonate dissolution is equivalent to aerobic respiration (Hu and Burdige, 2007; Burdige and others, 2008) . Increases in pore water Ca 2ϩ with sediment depth also track increases in pore water A T and DIC, and further argue for the occurrence of metabolic carbonate dissolution, rather than sulfate reduction, in causing the build-up of these pore water solutes.
In figure 5A there was also a negative y-intercept (or positive x-intercept) in the plot of ⌬A T versus ⌬DIC. Since the bottom waters at these sites were supersaturated with respect to all carbonate mineral phases (see fig. 3 ), the value of this x-intercept (107 Ϯ 3 mol ⅐ kg
Ϫ1
) can approximately be thought of as the amount of DIC (or aqueous CO 2 ) initially added to the pore waters that titrates the available dissolved carbonate ion, and therefore lowers the saturation state of the pore waters. Once the pore waters become sufficiently undersaturated with respect to the most soluble carbonate phase in the sediments dissolution occurs, the alkalinity and DIC increase in roughly a 1:1 fashion (Moulin and others, 1985; Burdige and Zimmerman, 2002) . As a result, the carbonate dissolution rates we observe are strongly correlated with seagrass density (that is, LAI; see fig. 7 ), since seagrass O 2 pumping represents a major source of oxygen to these sediments (Burdige and others, 2008) .
In Lee Stocking Island sediments we also saw a positive relationship between pore water concentrations of carbonate dissolution end-products such as alkalinity and DIC and LAI (Burdige and others, 2008) . When similar plots are made using the results of this study ( fig. 10A ) we see that many of the sites follow a similar trend of increasing ⌬DIC with increasing LAI. However we also see that there are a group of sites (sites 3, 4, 12, 17, 20, 24 and 25) for which ⌬DIC values are quite low (less than ϳ1 mmol ⅐ kg Ϫ1 ) for LAI values that range from a relatively low value of ϳ0.5 to a high value of almost 4. Despite this trend in ⌬DIC vs. LAI the model-derived rates of carbonate dissolution in these low ⌬DIC sediments are not anomalously low ( fig. 7, table 2) . Interestingly, all but one of these sites (site 12) are found near the northern or western edge of the Great Bahamas Bank in close proximity to the deeper water of the Straits of Florida or Northeast Providence Channel (see fig. 1 ).
In examining these trends, we note that advective pore water exchange, which contributes to the oxygen input that drives carbonate dissolution in Bahamas Bank sediments, also plays a role in the efficient removal of carbon oxidation and carbonate dissolution end products such as DIC and A T (Burdige and others, 2008) . Furthermore Burdige and others, 2008) . ⌬DIC S-B is defined here as the difference between the average pore water concentration between 10 and 20 cm and the bottom water concentration. Note that the results from this study appear to show two distinct trends; one in which ⌬DIC S-B increases with LAI (similar to that seen here for the Lee Stocking Island sites), and one in which ⌬DIC S-B values are relatively low and show very small changes with increasing LAI. (B) Relative advective O 2 input (advective sediment O 2 input as a % of TSOI [total sediment oxygen uptake]) versus LAI for the sediments on the Bahamas Bank. The calculation of relative O 2 input is done with results from our pore water ADR model (Pore Water Modeling section) and is described in detail in Burdige and others (2008) . Note that as in panel A, results from this study show two distinct trends, and that the sediments for which relative advective O 2 input remain high with increasing in LAI, also show low values of ⌬DIC S-B .
in this work we suggested that advective pore water exchange leads to the apparent preferential transport of these solutes out of these sediments relative to the advective input of oxygen, because the O 2 concentration difference between bottom waters and pore waters is roughly an order-of-magnitude smaller than similar differences for DIC and A T . However, in the low ⌬DIC sediments of this study we see that this effect appears to be amplified relative to that observed at other of our sites, since modelderived advective O 2 input is of greater percentage of total sediment O 2 input in these low ⌬DIC sediments than it is at either of the other sites we studied here or the Lee Stocking Island sites (fig. 10B) .
The reasons for this are not well understood at the present time, and a more detailed discussion of these observations is beyond the scope of this work. However we do feel that this observation is related in some fashion to how bottom water flow and the seagrass canopy interact with each other and lead to this advective exchange, as discussed, for example, by Koch and Gust (1999) . Sites around Lee Stocking Island are dominated by diurnal tides (Burdige and others, 2008) , and strong uni-directional flow occurs over each half of the tidal cycle. In contrast, many of the sites in this present study are farther away from land and short-term, oscillatory, wave-dominated motion is likely more important than tidal motion in generating the pressure gradients that drive advective pore water exchange. Bottom water pressure gradients at these sites may also be caused by the formation of Langmuir cells and their associated short-term oscillatory bottom water motion others, 2009a, 2009b) . Thus while seagrass density appears to be a reasonable "master variable" to parameterize rates of carbonate dissolution in Bahamas Bank sediments ( fig. 7) , our results also demonstrate that sediment O 2 input (which ultimately drives carbonate dissolution) is controlled by more than simply seagrass oxygen pumping.
Preferential dissolution of HMC.-Thermodynamic considerations and model calculations (Walter and Morse, 1984; Morse and others, 2006) as well as past field studies all provide evidence for the preferential dissolution of HMC, versus aragonite, in Bahamas Bank sediments (Morse and others, 1985; Walter and Burton, 1990; Burdige and Zimmerman, 2002) .
Other results similarly provide evidence for a magnesian calcite phase such as HMC undergoing preferential dissolution in the sediments of this study. Pore water property-property plots such as ⌬ [Ca 2ϩ ] versus ⌬DIC ( fig. 5B) can, in principle, be used to examine reaction stoichiometry if the relevant transport properties (for example, diffusion, bioirrigation) are properly incorporated into the calculation (Berner, 1977; Hammond and others, 1999; Burdige, 2006) . However, the ability to carry out this calculation in high permeability sediments, where physical advection dominates mass transport near the sediment-water interface, has not been examined in the same detail as it has been in more muddy sediments, where diffusion and/or bioirrigation dominate pore water transport. Thus it is not clear how the slope of the best-fit line in figure 5B can be used to estimate the composition of the carbonate phase undergoing dissolution.
Alternately, we can address this problem by examining the slope of the best-fit line from the plot of DIRC versus R CD in figure 8. Since transport processes such as advective pore water exchange are explicitly incorporated into these rate estimates (see the Pore Water Modeling section for details), this approach is more robust than that discussed above. Taken at face value, the slope of the best-fit line in figure 8 (0.73 Ϯ 0.02) predicts that HMC with ϳ27 mole percent Mg is undergoing dissolution in these sediments.
In contrast, our XRD results showed that the Mg content of the HMC in Bahamas Bank sediments we studied was ϳ12 to 13 mole percent, similar to that observed in studies of other Bahamas Bank sediments (Berner, 1966; Morse and others, 1985; Hu and Burdige, 2007) . Furthermore, the Mg content of HMC in shallow water carbonate sediments averages, in general, ϳ13 to 14 mole percent, with a typical range of ϳ10 to 18 mole percent (Milliman, 1974; Morse and Mackenzie, 1990 ). As we have discussed previously we believe that the explanation of these seemingly contradictory results is that the sediment carbonate dissolution we are observing is incongruent dissolution, in which HMC dissolution is accompanied by the reprecipitation of a secondary carbonate phase with a lower Mg content. This coupled dissolution/reprecipitation process can then sustain a disproportional increase in [Ca 2ϩ ] relative to the Ca content of the sediment HMC undergoing dissolution, and lead to the apparent observation of a more Mg-rich carbonate phase undergoing dissolution.
Pore Water Evidence for Coupled Dissolution/Reprecipitation
As noted in the INTRODUCTION, several studies have presented geochemical evidence for coupled carbonate dissolution and reprecipitation during postdepositional diagenesis (Rude and Aller, 1991; Patterson and Walter, 1994; Walter and others, 2007; Hu and Burdige, 2008) , and processes such as micritization and/or the formation of carbonate cements also appear to involve dissolution and reprecipitation (see discussions in Reid and Macintyre, 2000; Morse, 2003) .
Dissolution/reprecipitation during the early diagenesis of carbonate minerals may occur because of differences in the solubility of carbonate phases such as calcite, aragonite or HMC; pore waters which are undersaturated with respect to one or more metastable phases may still be supersaturated with respect to another of these phases. Thus in these sediments there may be net dissolution of a more soluble carbonate phase that represents the balance between gross dissolution of this phase and reprecipitation of a more stable phase (for example, Hu and Burdige, 2008) .
While the secondary phase that forms may indeed be a different carbonate mineral (for example, Rude and Aller, 1991) , the thermodynamic driving force for dissolution/reprecipitation may alternatively be described as "Ostwald ripening." In this process smaller crystals dissolve and reprecipitate as larger crystals, thereby reducing the surface free energy of the small particles (Morse and Casey, 1988) . This process also occurs with little or no change in mineralogy, and here, for example, the HMC that reprecipitates may have a very similar (although perhaps slightly lower) Mg content relative to the original starting material (Hover and others, 2001) .
Stable isotope results in both Lee Stocking Island sediments (Hu and Burdige, 2007) and South Florida carbonate platform sediments (Walter and others, 2007) provided evidence for the occurrence of such processes, as do recent sediment incubation studies with Bahamas Bank sediments from around Lee Stocking Island and sites 3 and 13 of this study . In these studies we were able to apply a simple closed system dissolution/reprecipitation model to our results to show that if the dissolving carbonate phase was 12 mole percent Mg HMC, then the secondary phase that formed was also HMC with ϳ8 mole percent Mg. This latter observation agrees with previous studies (Morse and Mucci, 1984) in which HMC overgrowths with ϳ8 mole percent Mg formed on the surface of Iceland spar (crystallized calcite mineral) buried in Bahamian sediments for 3 to 9 months (also see similar results in Berner, 1975; Mucci, 1986; Mucci, 1987; Tribble and Mackenzie, 1998) . Thermodynamic calculations (Morse and others, 2006 ) also suggest that the equilibrium HMC which should form abiotically in seawater has ϳ8 mole percent Mg. Finally, Hover and others (2001) showed that the Mg-content of HMC in altered foraminifera tests from Florida Bay and Bahamas Bank sediments was only ϳ1 to 3 mole percent lower than that in living specimens (which had a starting composition of ϳ13-14 mole% Mg).
To further examine dissolution/reprecipitation with our pore water results we use the following two equations,
where a is the calcium content of the original carbonate undergoing dissolution, b is that of the reprecipitated carbonate, and R CD and J rp are the depth-integrated rates of net carbonate dissolution and reprecipitation, respectively. Given these equations, the depth-integrated rate of net Ca 2ϩ production (DIRC) can be written as,
Since the results in figure 8 indicate that DIRC is roughly a constant fraction of R CD (that is, DIRC ϭ ␥ ⅐ R CD , where ␥ ϭ 0.73 Ϯ 0.02), eq (6) can be re-written as,
where R rx is defined as the reprecipitation ratio Burdige, 2007, 2008) . In using equation (7) to estimate R rx we assume that 12 mole percent Mg HMC undergoes gross dissolution (that is, a ϭ 0.88; see XRD results in the Study Sites section), and based on the discussion above we consider two possibilities for the composition of the carbonate phase that is reprecipitated-Ca 0.92 Mg 0.08 CO 3 (b ϭ 0.92) and CaCO 3 (b ϭ 1). The latter is a carbonate phase with no Mg, that is, aragonite or calcite, while the former phase is 8 mole percent Mg HMC.
These values of a, b, and ␥ predict values of R rx that range from 1.3 to 3.8. These calculations are, however, somewhat sensitive to the assumed composition of the carbonate phase undergoing dissolution. For example, if this phase is 15 mole percent Mg HMC (for example Bischoff and others, 1993) , then values of R rx decrease to 0.8 to 1.7. These uncertainties notwithstanding, the range of R rx values estimated here are consistent with values reported in the literature (see table 4), despite the distinctively different approaches used in all of these studies. This agreement therefore suggests that not only is carbonate reprecipitation a common feature of the early diagenesis of shallow water carbonate sediments, but also that the rate of reprecipitation is nearly a constant fraction of the rate of net, and gross, dissolution. 
Stable Carbon Isotope Evidence for Carbonate Dissolution/Reprecipitation
If carbonate dissolution and organic carbon oxidation are the sole processes that contribute DIC to the pore waters, then the following mass balance equation can be written (Hu and Burdige, 2007) , where the subscript "C" indicates sediment carbonate, subscript "OM" indicates sediment organic matter, and f OM ϭ f C ϭ 0.5 based on the stoichiometry of metabolic carbonate dissolution (that is, eqn. 3). Using the measured values of ␦ 13 C C in table 3, and assumed values of ␦ 13 C OM (see below), we can then estimate the value of ␦ 13 C added using equation (8). These values are also shown in table 3, listed here as ␦ 13 C added pred . In seagrass sediments in oligotrophic tropical environments, seagrass detritus is often the dominant carbon source for microbial respiration since other types of carbon sources (for example, algal detritus) are less prevalent (Boschker and others, 2000; Holmer and others, 2001; Jones and others, 2003; Bouillon and Boschker, 2006) . Therefore at sites where LAI is greater than 0, we have used the measured or estimated values of ␦ 13 C seagrass for ␦ 13 C OM in the calculation of ␦ 13 C added pred . In calculations at the two sites where LAI ϭ 0 (sites 6 and -9), we have also assumed that the value of ␦ 13 C OM for sediments is that of seagrasses growing at the same water depth as these sites. This value likely represents an upper limit for the isotopic composition of sediment organic matter at these sites, since if the organic matter undergoing remineralization in these sediments was a mixture of seagrass, benthic algal, and phytoplankton detritus, its ␦ 13 C would be lighter (more negative) than that of seagrass alone (see the ␦ 13 C of pore water DIC and calculation of ␦ 13 C added section, discussions below, and discussions in Hu and Burdige, 2007) .
If we now compare values of ␦ 13 C added pred with values of ␦ 13 C added pw we see that the sediments of this study can be roughly divided into 3 groups: 4, 6, 8, 9, 11, 12, 13, 14, 15 , and 18; 2. ␦ We next define ␦ 13 C added pw Ϫ ␦ 13 C added pred as DRI, which we can use here as an isotopic indicator for dissolution/reprecipitation in these sediments. Based on this definition of DRI, the group 1 sediments have positive DRI values, the group 3 sediments have negative DRI values and the group 2 sediments have DRI values ϳ0. At all of these sites, DRI showed a weak, but significant, inverse correlation with sediment grain size ( fig.  11A ). In contrast, DRI showed no significant correlation with either LAI (fig. 11B ) or R CD (not shown here).
Focusing first on the group 1 sediments we note that positive values of DRI imply that the DIC being added to the pore waters is heavier than that predicted as described Table 4 Reprecipitation ratio (R rx ) in shallow water carbonate sediments
Method of analysis Lee Stocking Island (Hu and Burdige, 2007) 3. 3 -3.8 Closed system carbon isotope model applied to pore water profiles Bahamas Bank 0.9 -2.1 Closed system carbon isotope model applied to sediment incubation data Bahamas Bank (this work)
1.3 -3.8
Inverse pore water ADR model and Ca mass balance Florida Bay mudbank/Bahamas Bank (Walter and others, 1993) 1.1 -2.0
Closed-system incubations and a calcium isotope model Florida Bay mudbank (Rude and Aller, 1990) 3.1 -6.6 Mass transport modeling and trace element (F -) behavior Florida Bay mudbank/ Atlantic reef tract bank (Walter and others, 2007) 2. 8 -3.3 Total carbon and carbon isotope mass balance calculations
above. Based on the definition of ␦ 13 C added in equation 8, this would seem to imply that an organic carbon source that is isotopically heavier than seagrass is undergoing remineralization. However, all plausible alternate organic matter sources to these sediments (that is, benthic algae or phytoplankton) have ␦ 13 C values that are lighter (more negative) than seagrasses (see the ␦ 13 C of pore water DIC and calculation of ␦ 13 C added section). Based on these observations, and additional arguments presented elsewhere (Hu and Burdige, 2007) , we have therefore taken these observations as Hu and Burdige, 2007) . (B) DRI versus LAI for these same sites. As discussed in the text, these data showed no significant correlation (r 2 ϭ 0.01, p ϭ 0.68). A similar lack of correlation was seen between DRI and R CD (results not shown here).
further independent evidence (in addition to pore water evidence discussed in the previous section) for the occurrence of coupled carbonate dissolution/reprecipitation in these sediments, with seagrass organic matter dominating sediment organic matter remineralization. This process enriches the pore water DIC pool with 13 C, and leads to "apparent" heavy values of ␦ 13 C added pw , as a result of heavy sediment carbonate carbon (␦ 13 C Ϸ 4-5‰) passing through the DIC pool during dissolution followed by reprecipitation (also see Hu and Burdige, 2008 , for further details).
An alternate explanation for the observation of positive DRI values is that the specific carbonate phase undergoing dissolution is isotopically heavier than that of the bulk sediments. However, we believe that this is unlikely since HMC, the phase that appears to undergo preferential dissolution in these sediments, is generally isotopically lighter than aragonite, which typically has a ␦ 13 C value Ͼ ϩ4 permil (for example, Swart and others, 2009 ). This isotopic composition for aragonite is consistent with the bulk sediment ␦ 13 C values observed in the sediments of this study (table 3) , which is itself not surprising since aragonite represents 80 to 90 percent of the total material in these sediments.
The two sites (sites 6 and 9) at which seagrasses are absent (that is, LAI ϭ 0) are classified here as group 1 sediments, and as discussed above, the choice of seagrass isotope values for the value of ␦ 13 C OM used in calculating ␦ 13 C added pred leads to an upper limit in its value. As a result, the positive values of DRI we see in the sediments would only become more positive if in our calculations we assumed that some amount of non-seagrass (that is, isotopically lighter) carbon was also undergoing remineralization in these sediments. As a general observation, we also note that this would be true for seagrass-containing sites (that is, LAI Ͼ 0) if non-seagrass plus seagrass organic matter were undergoing remineralization in these sediments as well.
In the group 2 sediments, the similarity in the values of ␦
13
C added pred and ␦ 13 C added pw (that is, DRI Ϸ 0) is consistent with a seagrass carbon source for the organic matter undergoing remineralization in these sediments, though in the absence here of coupled dissolution/reprecipitation. Interestingly however, the group 2 sediments included site 25, where very high seagrass densities were observed. This observation appears to contradict our previous findings in Lee Stocking Island sediments where we observed carbonate dissolution/reprecipitation only in densely vegetated (high LAI ) sediments (Hu and Burdige, 2007) . Furthermore, the pore water modeling results discussed in the previous section also suggest the possible occurrence of dissolution/ reprecipitation in sites 25 and 24 sediments (another group 2 sediment; model results not available for the other group 2 sediments, sites 16 and 17). To potentially reconcile these contradictory observations, we note that if reprecipitation does occur at all of these group 2 sites, then some amount of isotopically lighter organic carbon (for example, algal carbon) may also be remineralized in addition to seagrass material, to counter the heavy carbon being added to the pore waters by dissolution and reprecipitation. The group 3 sediments are very low-to-intermediate density seagrass sites, where the observed negative DRI values imply that seagrass carbon plus some amount of isotopically light organic matter (for example, benthic algal carbon or phytoplankton debris) must be undergoing remineralization, regardless of whether or not dissolution/ reprecipitation is also occurring. Consistent with this suggestion is the fact that the sediments at two of these sites were among the coarsest of all of the study sites (table 1) , allowing for the possible advective input of small, suspended particles (for example, phytoplankton debris) into the sediments (Huettel and Rusch, 2000) . Given these three potential types of organic matter that may contribute to the material undergoing remineralization in these sediments, and the wide range of their ␦ 13 C values, a predicted value of ␦ 13 C OM in these sediments is essentially unconstrained. It is therefore not possible to use the isotope mixing model (that is, eq. 8) and the calculation of DRI in the manner described here to look for isotopic evidence of coupled dissolution/reprecipitation in these group 3 sediments. One immediate conclusion that comes from this analysis is that across the broad expanse of the Bahamas Bank it may not always be appropriate to assume that seagrass organic carbon is the sole carbon source being remineralized in the sediments. Thus the stable isotope mass balance approach used here to examine carbonate dissolution and reprecipitation should be used with caution. While pore water modeling provides some further constraints on this problem, it too has limitations (particularly at low rates of sediment carbonate dissolution). Future studies of compound-specific stable isotope in bacterial lipids (Holmer and others, 2001; Jones and others, 2003) could, however, provide more specific information on the ␦ 13 C of the organic matter being remineralized in these sediments, and thus help to better constrain these stable isotope mass balance calculations.
At the same time, despite this limitation of the stable isotope mass balance approach, we see relatively "heavy" values of ␦ 13 C added pred (or equivalently, positive DRI values) at more than half of the sites we have studied, across a range of LAI values. These results provide further evidence, complimenting the pore water results presented in the previous section, for the widespread occurrence of carbonate dissolution/ reprecipitation across much of the Bahamas Bank.
Factors Controlling Carbonate Dissolution/Reprecipitation in GBB Sediments
In our earlier work examining carbonate dissolution and reprecipitation in Lee Stocking Island sediments (Hu and Burdige, 2007) , we noted that stable isotope mass balance calculations showed evidence of this coupled process only in sediments at dense seagrass sites (LAI values of ϳ1.4). However based on the results presented here, along with those from our recent sediment incubations studies , we now have a slightly different picture of the controls on dissolution/ reprecipitation. In particular, we see that at sites where the interpretation of stable isotope results are unambiguous regarding the occurrence of dissolution/reprecipitation (that is, the group 1 sediments where DRI Ͼ 0) LAI values range from 0 to 2.2 ( fig. 11 ).
These new results therefore suggest that seagrass density alone does not control the occurrence of carbonate dissolution/precipitation. However, the results in figure 11 do show that DRI becomes more positive as sediment grain size decreases. Expressed another way, it appears that the reprecipitation process, which contributes heavy DIC to the pore waters, becomes more evident in finer-grained sediments. This observation is consistent with an Ostwald ripening process, in which smaller grains preferentially dissolve and secondary carbonates form on larger grains (Walter and others, 1993; Reid and Macintyre, 1998; Hover and others, 2001) .
In light of this relationship between DRI and grain size in Bahamas Bank sediments, it is now also somewhat more puzzling as to why DRI and LAI show no correlation (which would be consistent with the results from the Lee Stocking Island sites discussed above), since in many settings seagrasses tend to preferentially trap fine-grained sediments (for example, Morse and others, 1987; Koch and others, 2006) . However, we only observed a weak inverse relationship between log (mean grain size) and LAI (r 2 ϭ 0.18, p Ͻ 0.05) in the Bahamas Bank sediments of this study (Hu, ms, 2007) , and, for example, sediments on the northwest side of Andros Island (where whiting events are often observed; Morse and others, 2003) have small mean grain sizes, higher percentages of fine-grained materials (defined here as grain size Ͻ63 m), and LAI values ϳ0 (table 1) .
These results therefore suggest that linkages between sediment grain size and LAI in carbonate platform sediments are complex, and as a result, multiple factors likely control the occurrence of coupled dissolution and reprecipitation even beyond these two parameters (for example, see analogous discussions in the Sediment-seagrass interactions and sediment carbonate dissolution section). These other possible controlling factors include sediment mineralogy (for example, aragonite vs. HMC), sediment type (for example, ooid vs. skeletal sands), or sediment permeability (see similar discussions in Walter and others, 2007) .
Based on the pore water modeling results, we see that reprecipitation roughly increases in a linear fashion with net dissolution (that is, R rx is a constant value). This observation supports suggestions made earlier (Hu and Burdige, 2007 ) that metabolic carbonate dissolution may create new nucleation sites for heterogeneous precipitation and/or "cleanse" existing sites on the carbonate grain surfaces of substances that inhibit precipitation (for example, phosphate or dissolved organic matter; Berner and others, 1978; Morse and Mucci, 1984; Mucci, 1987 ). Either of these could then explain how net dissolution also facilitates reprecipitation.
Finally, the fact that dissolution/reprecipitation is independent of LAI implies that seagrasses themselves do not directly lead to the occurrence of the coupled process. Rather, any process, or set of environmental conditions, that enhances dissolution (through, for example, acid addition or production) in shallow water carbonate sediments should also lead to the occurrence of coupled dissolution/ precipitation.
implications of these results on shallow water carbonate sediment diagenesis
The results presented here demonstrate that carbonate dissolution and reprecipitation is a widespread phenomenon in the shallow water carbonate sediments on the Bahamas Bank. The sites where we have observed these coupled processes span a wide range of seagrass densities and sediment types (for example, ooid sands, pellet muds and grapestones); equally important, dissolution/reprecipitation appears to occur on early diagenetic time scales . Past studies have shown the importance of dissolution/reprecipitation in more organic-"rich" carbonate sediments (for example, Rude and Aller, 1991; Ku and others, 1999; Walter and others, 2007) , and the results shown here expand this observation to the more organic-"poor" sediments that are more commonly found on shallow water carbonate platforms. The work discussed here has also primarily focused on the occurrence of dissolution and reprecipitation during the post-depositional early diagenesis of shallow water carbonate sediments. However, these observations also provide mechanistic insights into the processes that may lead to the formation of carbonate cements and micrites at the sediment surface and on, for example, carbonate hardgrounds.
In our previous work (Burdige and others, 2008) we coupled a remote sensing analysis of seagrass distribution on the Bahamas Bank (Dierssen and others, 2010) and a relationship similar to that shown in figure 7 (but based solely on Lee Stocking Island results) to estimate the aerially-integrated dissolution flux on the Bahamas Bank of ϳ9
Using the same approach here with the relationship in figure 7 (which includes our earlier results as well as the results presented here from a wider range of sediments across a larger expanse of the Bahamas Bank) we obtain a similar, but slightly lower integrated dissolution flux, 7.8 (Ϯ4.5) mmol ⅐ m Ϫ2 ⅐ d Ϫ1 . Both our current (and previous) values for the dissolution flux are comparable to Milliman's (1993) estimates of the gross carbonate production flux (13. 7 mmol ⅐ m Ϫ2 ⅐ d
Ϫ1
), or the net accumulation or offshore carbonate export fluxes (both estimated at 6.8
). Carbonate dissolution is therefore an important loss term in the budget of shallow water carbonate sediments, and on-bank carbonate dissolution, rather than offshore transport, may represent an important sink for gross shallow water carbonate production (also see discussions in Yates and Halley, 2006; Walter and others, 2007; Burdige and others, 2008) . This dissolution may also play some role in explaining the upper water column alkalinity halo observed around many carbonate platforms (Sabine and Mackenzie, 1995) .
If this dissolution flux is scaled up over the ϳ800,000 km 2 area of carbonate bank and bay sediments globally (Milliman, 1993) , this translates into a global shallow-water bank and bay sediments dissolution rate of ϳ0.03 Pg PIC ⅐ yr Ϫ1 . As noted in Burdige and others (2008) this value agrees well with a physical-biogeochemical box model estimate (Andersson and others, 2003) of carbonate dissolution for all shallowwater sediments (0.13 Pg PIC ⅐ yr Ϫ1 ), when one takes into account the fact that shallow-water carbonate bank and bay sediments represent only ϳ28 percent of all shallow-water sediments.
Of equal importance is the fact that these shallow water carbonate dissolution rates are of a similar magnitude to several important terms in the oceanic alkalinity/ CaCO 3 budget, including: the alkalinity riverine input derived from weathering (dissolution) of calcium carbonate on land, 0.2 Pg PIC ⅐ yr Ϫ1 (Mackenzie and others, 2004) ; the mid-water (200-1500 m) dissolution rate from all three ocean basins, 1.0 Pg PIC ⅐ yr Ϫ1 (Berelson and others, 2007) ; model-estimates of the CaCO 3 export flux from the surface ocean, 0.4 -1.8 Pg PIC ⅐ yr Ϫ1 (Berelson and others, 2007) . Recent studies have also illustrated some of the uncertainties in our knowledge of the sources and sinks of alkalinity to the surface (upper ϳ100 m) of the global ocean, particularly from carbonate banks and bays (for example, Milliman and Droxler, 1996; Wright and Cherns, 2004; James and others, 2005) , and continental margins in general regions (Chen, 2002; Berelson and others, 2007) . Given these observations, the results presented here further suggest that shallow water carbonate dissolution may also be important in the alkalinity dynamics of surface ocean waters, and should be more carefully considered in alkalinity budgets for surface ocean waters.
Because of the apparent importance of carbonate dissolution in the dynamics of shallow water carbonate sediments, the observation that reprecipitation rates are of the same order as dissolution rates (R rx Ն 1 based on the results presented here, as well as other results in the literature; see table 4) takes on added significance. Coupled dissolution/reprecipitation can have a major impact on the stable isotopic composition of sediment carbonates (Rude and Aller, 1991; Patterson and Walter, 1994) , and, for example, can be thought of as a process in which "primary" sedimentary carbonate carbon (with a ␦ 13 C value that is generally Ն0‰) is partially "exchanged" with carbonate derived from organic carbon (with a ␦ 13 C value that is Ͻ0‰) that has been added to the pore water DIC pool by organic matter remineralization (Walter and others, 2007) . Over time, this process should lead to lower (more negative) isotopic values of the bulk sedimentary carbonate, and if the extent of recrystallization is large (as the calculations here suggest they may be), the isotopic signature of shallow water carbonates is likely to have a significant diagenetic overprint.
The ␦
13
C of carbonate sediments and sedimentary rocks has been used in examining many aspects of the global carbon cycle both in the present and throughout geologic time (Kump and Arthur, 1999; Berner, 2004; Swart, 2008) . For example, the difference between the ␦ 13 C of organic carbon and carbonate carbon in both ancient sediments and sedimentary rocks may provide important information on changes through time in the burial of organic matter in sediments (also see Hayes and others, 1999) .
In the modern ocean roughly 40 percent of carbonate burial occurs in shallow water (versus pelagic) sediments (Milliman, 1993) . However throughout much of the Phanerozoic shallow water carbonates were likely more important sites of carbonate deposition and burial than they are today (Berner, 2004) . In part this is due to a substantial decrease over this time period in the area of carbonate shelf sediments (Mackenzie and Morse, 1992; Walker and others, 2002) , and in part because the evolution and appearance of calcareous nannoplankton such as coccoliths, which represent the predominant source of deep-water carbonate sediments, did not occur until the late Triassic, ϳ225 Ma (Bown and others, 2004) . Thus, the extent to which carbonate dissolution/reprecipitation processes alter the "primary" isotopic signature of shallow water carbonates-before they are buried in more diagenetically stable environments such as periplatform sediments (for example, Swart, 2008) , or become incorporated into the rock record-has the potential to compromise the information these isotope records may provide on the past operation of the global carbon cycle (see similar discussions in Walter and others, 2007) . Furthermore, since dissolution/ reprecipitation does not specifically require the presence of seagrasses, the fact that seagrasses evolved only ϳ100 Ma (Hemminga and Duarte, 2000) does not impact the possible importance of dissolution/reprecipitation over geologic time. conclusions 1. Pore water modeling results and the results from stable isotope mass balance calculations provide independent and complimentary information on the widespread occurrence of carbonate dissolution/reprecipitation across a broad range of sediments on the Bahamas Bank.
2. The input of oxygen into the sediments, which ultimately controls sediment carbonate dissolution, has two major sources-belowground input by seagrasses (that is, seagrass O 2 pumping), and permeability-driven advective pore water exchange. The relative importance of these O 2 delivery mechanisms depends in part on seagrass density. However it also depends on how bottom water flow interacts with the seagrass canopy and leads to this advective exchange.
3. Dissolution appears to involve the preferential dissolution of high-Mg calcite, and the rates of dissolution increase linearly with increasing seagrass density.
4. The rate of reprecipitation is a near constant ratio of the rates of both total and net dissolution. The reprecipitation ratio (reprecipitation rate divided by net dissolution rate) estimated from our pore water modeling is ϳ1.3 to 3.8 and is similar to estimates of this ratio from other sites obtained using a number of different analytical and modeling techniques.
5. Isotopic evidence of dissolution/reprecipitation is independent of seagrass density, but does appear to be inversely related to mean sediment grain size. This last observation is consistent with the occurrence of Ostwald ripening as the mechanism of reprecipitation, in which smaller crystals dissolve and then reprecipitate as larger crystals, with little or no change in mineralogy.
6. Coupling the observed relationship between carbonate dissolution rates and seagrass density with a remote sensing analysis of seagrass distribution on the Bahamas Bank allows us to estimate the aerially-integrated dissolution flux on the Bank (ϳ7.9 mmol ⅐ m Ϫ2 ⅐ d
Ϫ1
). This estimate is comparable to both the gross carbonate production flux (13. 7 mmol ⅐ m Ϫ2 ⅐ d Ϫ1 ) as well as the net accumulation or offshore carbonate export fluxes (both estimated at 6.8 mmol ⅐ m Ϫ2 ⅐ d Ϫ1 ). Carbonate dissolution is therefore an important loss term in the budget of shallow water carbonate sediments, and on-bank carbonate dissolution, rather than offshore transport, may represent an important sink for gross shallow water carbonate production.
7. Dissolution in carbonate bank and bay sediments may also be of some importance as an alkalinity source to the upper 100 m of the global ocean, and should be considered in global alkalinity/carbonate budget.
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